Abstract. We present the derivation of turbulent energy dissipation rate ε from a total of 522 days of observations with the Middle Atmosphere Alomar Radar SYstem (MAARSY) mesosphere-stratosphere-troposphere (MST) radar running tropospheric experiments during the period of 2010-2013 as well as with balloon-borne radiosondes based on a campaign in the summer 2013. Spectral widths are converted to ε after the removal of the broadening effects due to the finite beam width of the radar. With the simultaneous in situ measurements of ε with balloon-borne radiosondes at the MAARSY radar site, we compare the ε values derived from both techniques and reach an encouraging agreement between them. Using all the radar data available, we present a preliminary climatology of atmospheric turbulence in the UTLS (upper troposphere and lower stratosphere) region above the MAARSY site showing a variability of more than 5 orders of magnitude inherent in turbulent energy dissipation rates. The derived ε values reveal a log-normal distribution with a negative skewness, and the ε profiles show an increase with height which is also the case for each individual month. Atmospheric turbulence based on our radar measurements reveals a seasonal variation but no clear diurnal variation in the UTLS region. Comparison of ε with the gradient Richardson number Ri shows that only 1.7 % of all the data with turbulence occur under the condition of Ri < 1 and that the values of ε under the condition of Ri < 1 are significantly larger than those under Ri > 1. Further, there is a roughly negative correlation between ε and Ri that is independent of the scale dependence of Ri. Turbulence under active dynamical conditions (velocity of horizontal wind U > 10 m s −1 ) is significantly stronger than under quiet conditions (U < 10 m s −1 ). Last but not least, the derived ε values are compared with the corresponding vertical shears of background wind velocity showing a linear relation with a corresponding correlation coefficient r = 58 % well above the 99.9 % significance level. This implies that wind shears play an important role in the turbulence generation in the troposphere and lower stratosphere (through the Kelvin-Helmholtz instability).
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Introduction
Turbulence is an essential atmospheric motion over a wide range of length scales and timescales. It plays an important role in determining the evolution and structure of the free atmosphere as well as the trace gases and pollutants in it; this role is, however, far from being fully understood (e.g. Wyngaard, 1992; Lübken, 1992; Fritts et al., , 2016 Müllemann et al., 2003; Sharman et al., 2012) . The physical nature of turbulence is dissipative. It transfers energy from medium spatial scales to small scales, where the energy is converted to heat due to viscous dissipation. Turbulence has important effects on the thermal and dynamical structure of the atmosphere, the mixing of atmospheric constituents, and the stratosphere-troposphere exchange. In addition, clearair turbulence (CAT) in the upper troposphere and lower stratosphere (UTLS) regions is a well-known threat to the safety of aviation (e.g. Sharman et al., 2011) . Because of the importance of turbulence in the atmosphere, theoretical and experimental efforts have been carried out to identify the turbulence generation mechanisms that remain a major concern of research to date. Previous studies show that the Kelvin-Helmholtz instability has long been recognized as an important source of turbulence (e.g. Klostermeyer and Rüster, 1980; Mega et al., 2010; . Convectively generated gravity waves and gravity wave breaking are also important causes responsible for turbulence generation (e.g. Lindzen, 1981; Achatz, 2007) . Furthermore, the remaining well-known generation mechanisms of turbulence include strong wind shears associated with jet streams and upper-level fronts, wave-wave interaction, mountain waves, convective clouds, and thunderstorms (e.g. Pantley and Lester, 1990; Pavelin and Whiteway, 2002; Fritts and Alexander, 2003; Sharman et al., 2012; ZovkoRajak and Lane, 2014; Lane and Sharman, 2014) .
Atmospheric turbulence is normally characterized by the energy dissipation rate ε. It is defined as the rate at which the amount of turbulence kinetic energy (TKE) is dissipated into heat by viscous forces at the Kolmogorov scale. Various techniques have been put forward to obtain ε from the experimental data, including in situ rocket, aircraft, and balloonborne instruments (including radiosondes) (e.g. Lilly et al., 1974; Lübken et al., 1987; Schumann et al., 1995; Clayson and Kantha, 2008; Haack et al., 2014) as well as the Doppler lidars (e.g. O'Connor et al., 2010) and radars (e.g. Hocking, 1983 Hocking, , 1985 Nastrom and Eaton, 1997) .
Triggered by the pioneering work by Woodman and Guillen (1974) , ground-based radars (operating at frequencies from MF to UHF) were developed to monitor turbulence in the atmosphere due to their high temporal and spatial resolutions (e.g. Nastrom and Eaton, 1997) . There are basically two parameters used to infer information for turbulence from the backscattered radar signals, i.e. the volume reflectivity (calibrated backscattered power) and the Doppler spectral width. Both methods are based upon the fact that turbulence causes fluctuations in the radar refractive index, which is determined by density, temperature, and humidity in the UTLS regions. On one hand, these fluctuations lead to detectable volume scatter; on the other hand, the underlying velocity fluctuations lead to a spectral broadening. Please note that both methods assume that atmospheric turbulence is isotropic and within the inertial subrange (i.e. turbulence is well developed). In the case of mesosphere-stratospheretroposphere (MST) radars, the so-called "width" method has been put into use widely. This is based on the fact that the width of the Doppler spectrum due to atmospheric motions contains information about the intensity of atmospheric turbulence in the probing volume of radar. As specified by Hocking (1985) and Nastrom and Eaton (1997) , the observed spectral width contains contributions due to turbulence as well as non-turbulent effects such as beam, shear, and wave broadening. In order to derive turbulent energy dissipation rates these contributions must first be subtracted quadratically from the observed spectral widths.
MST radars have been widely used to study turbulence in the lower and middle atmosphere based on the conversion of spectral width to the dissipation rate ε (e.g. Hocking, 1983 Hocking, , 1985 Nastrom and Eaton, 1997; Engler et al., 2005) . The reliability of the radar measurements can usually be validated by comparison with similar observations with the right order of magnitude of the derived turbulence parameters. Although a few case studies have been put forward to directly compare radar measurements with in situ measurements by balloon (Zink et al., 2004; Kantha and Hocking, 2011) , further studies are highly desirable. In this study, we compare radar-based estimates of ε (based on the Middle Atmosphere Alomar Radar SYstem -MAARSY -spectral width data) with radiosonde data applying a so-called Thorpe analysis (Thorpe, 1977; Clayson and Kantha, 2008; Wilson et al., 2011) . These radiosonde measurements were obtained during the WADIS sounding rocket campaign in 2013 as described in Strelnikov et al. (2014) . We are hence able to validate the radar estimates of turbulence by comparing them with the simultaneous in situ measurements with radiosondes. In Sect. 2 we describe the radar system of MAARSY and the experimental set-up and observations. In Sect. 3 we outline the methods to infer the turbulent energy dissipation rate from radar and radiosondes and present the comparison between the two techniques as a validation for each other. A preliminary climatology of turbulence from the MAARSY radar measurements is given in Sect. 4, which is then discussed in Sect. 5, in which we compare the derived dissipation rate with the background conditions. Finally, our conclusions are summarized in Sect. 6.
Observations
The MST radar echoes are caused by scattering or reflection from irregularities of the atmospheric refractive index. Details of these mechanisms are described by, for example, Gage and Balsley (1980) , Gage et al. (1981 Gage et al. ( , 1985 , Hocking (1985) , and Röttger and Larsen (1990) . For monostatic radars, backscatter arises from refractive index variation n at the radar half wavelength (i.e. Bragg condition for monostatic radars: ∼ 3 m for typical VHF radars). The n variations in the atmosphere are directly related to variations of the atmospheric parameters: humidity, temperature, pressure (corresponding to air density), and electron density. It has been demonstrated in many experimental studies that the MST radar echo power P r is proportional to the generalized refractive index gradient squared M 2 when using a vertically directed radar beam (e.g. Hocking, 1985; Rapp et al., 2008) . For a given radar operating at a fixed range resolution and with a fixed peak transmitter power, this relationship can be simplified as
According to Ottersten (1969) , in the troposphere the generalized refractive index gradient M is defined as
where N is the Brunt-Väisälä frequency, T the temperature, p the air pressure, q the specific humidity, and g the acceleration due to gravity (Tatarskii, 1961; VanZandt et al., 1978) . The first term on the right side is called the dry term and the second and third terms indicate the influences of q and dq/dz, respectively. MAARSY is a monostatic radar operating at a frequency of 53.5 MHz in coherent scatter mode (Latteck et al., 2010) . The radar system is an active phased array consisting of 433 linearly polarized Yagi antennas where each element is connected to an individual transceiver module with high flexibility in phase control and power output. The power transmission of each element of up to 2 kW peak gives a maximum peak power of ∼ 866 kW. The design of a nearly circular array results in a very symmetric radiation pattern with a oneway full beam width of 3.6 • at half power corresponding to a diameter of ∼ 630 m at an altitude of 10 km. MAARSY can be steered with zenith angles down to 30 • . The radar system is located at Andøya, Norway (69.03 • N, 16.04 • E) and designed for studying polar atmosphere, i.e. the UTLS (the upper troposphere and lower stratosphere) and MLT (the mesosphere and lower thermosphere) regions covering the ionospheric E region altitudes in polar regions Renkwitz et al., 2012 Renkwitz et al., , 2013 Stober et al., 2012 Stober et al., , 2013 Chau et al., 2014; Latteck and Strelnikova, 2015) . The basic parameters of the radar system are summarized in Table 1 for convenience. For more details on the technical description of MAARSY, the reader is referred to Latteck et al. (2010 Latteck et al. ( , 2012 .
The data sets presented in this study were obtained with MAARSY for tropospheric experiments during the period of 2010-2013 (a total of 522 days) consisting of three sequences based on different experimental configurations. The data acquisition and data analysis of raw data were routinely carried out with a commercial software package. The histogram in Fig. 1 shows the distribution of data sets in different months. The recorded complex raw data (I and Q) are time series with a typical data length of 256 or 512 points. The data with some coherent integrations (CI; ranging between 64 and 526 CI) have been used for estimating the autocorrelation functions (ACFs) which according to the WienerKhinchin theorem are the Fourier transforms of the power spectra. For the case of coherent scatter (e.g. scattering from turbulent structure), a Gaussian shape of the spectrum is assumed, which is valid for the here used data. The magnitude of the ACF can be approximated as (Strelnikova and Rapp, 2011) 
where ACF is the magnitude of the autocorrelation function, τ the time lag at which the ACF is evaluated, and τ e is a correlation time (or decay time which is inversely related to the spectral width). After fitting the measured ACF magnitude to the above function, the correlation time τ e and hence the half width at half maximum (HWHM) of the Gaussian function were determined according to the following relationship
Then the experimental spectral width ω obs (in m s −1 ) can be determined as ω obs = HWHM · λ/2 and recorded, where λ is the radar wavelength (5.6 m for MAARSY). In the calculation the ACFs with a signal-to-noise ratio (SNR) smaller than 3 dB are not included in further analysis. Furthermore, a procedure to disregard the regions around the sea clutter frequencies is included in the calculation. The short-term events including aircrafts, meteors, etc., however, are carefully rejected by considering SNR values; i.e. data with unpredictably large SNR are rejected. Finally, the best Gaussian fittings were carefully derived to ensure that the ACFs showing other strange properties are not accepted. MAARSY has the capacity to steer the beam on a pulseto-pulse basis allowing us to measure the radial velocities for several different beam directions in one experiment. Here we make use of the Doppler beam swinging (DBS) technique to estimate horizontal wind fields (both zonal and meridional) from five beams (one in the vertical direction and four at an off-zenith angle of 10 • in orthogonal azimuths) with a temporal resolution of 5 min. The wind observations were estimated based on a single-cycle set-up, which permits us to derive complete wind information after the experiment running time (e.g. Röttger and Larsen, 1990; Stober et al., 2012 Stober et al., , 2013 . The spectral widths derived in the vertical beam were utilized to infer ε since the effects of beam broadening are smallest for the vertical geometry compared to the oblique beams. Figure 2 shows examples of the radar echo power with MAARSY and the squared Brunt-Väisälä frequency N 2 calculated based on the temperature from the ECMWF reanalysis data as well as horizontal winds and spectral widths from the radar measurements with MAARSY from top to bottom during a period of 28 days. Within the altitude range of 9-13 km, there are clearly enhancements in echo power, which took place just above the tropopause heights. The tropopause heights are determined based on the temperature profiles taken from the ECMWF reanalysis data: the lapse rate tropopause (LRT) is shown in red and the cold point tropopause (CPT) in black. The values of N 2 indicating static stability of the atmosphere in the second panel from top show nearly constant values in the troposphere and lower stratosphere, i.e. N 2 = 1 × 10 −4 s −2 in the troposphere and N 2 ≥ 4 × 10 −4 s −2 in the lower stratosphere. Furthermore, N 2 profiles reveal a sharp increase by a factor of 4 or more in the magnitude just above the tropopause which reveals the existence of the so-called tropopause inversion layer (TIL) (see Birner, 2006 , for details) and has nearly constant values in the stratosphere above the layer. The comparison between echo power and N 2 reveals a clear correlation. In the UTLS regions where humidity can be neglected, M is conveniently approximated by the dry term (see Eq. 2). Therefore, M is proportional to N 2 and to p/T . As mentioned above, the term p/T is directly dependent on the air density, p/T ∝ ρ 0 exp(−z/H ), where ρ 0 is the density at mean sea level and H the mean scale height across the considered altitude range. Inserting these relationships into Eq. (1), we finally reach a simplified expression:
i.e., the enhanced echoes at vertical incidence often measured with VHF radars at or above the tropopause are determined by variations of the N 2 profiles. The MST radar measurements hence provide a measure of the background static stability (N 2 ) which has been widely used for studying various atmospheric properties such as the estimate of the tropopause height (e.g. Gage and Green, 1982; Hall et al., 2009) , tropopause folds and meteorological fronts (e.g. Röttger, 1979; Larsen and Röttger, 1983; Bertin et al., 2001; Mihalikova et al., 2012) . Furthermore, the minima of echo power occurred just below the tropopause where the convective fluctuations cease. There are strong wind fields (to be specific, U > 20 m s −1 ) with maxima up to more than ∼ 55 m s −1 occurring in the altitude range of 8-11 km, generally below the tropopause. The observed spectral widths show a similar structure compared with the background horizontal winds.
Methodology
In this section, the ε analysis based on radar-and radiosonde observations is described.
Derivation of ε with radar
There are several ways to derive estimates of the turbulent energy dissipation rate from clear-air radar observations. These methods include ε estimates from the structure constant C 2 n , which may be derived from calibration observations of the radar signal strength and the width of the observed Doppler spectrum (e.g. Hocking, 1985) . However, the conversion of C 2 n to ε needs several assumptions (e.g. Lübken, 1992) . In this study, we make use of the measurements of spectral width to estimate ε.
Spectral widths have been estimated from the correlation time τ e as described above. Before taking a step further, we should note that a finite beam width leads to a number of broadening effects on the spectral width observed in coherent scatter observations (e.g. Hocking, 1985; Murphy et al., 1994; Nastrom and Eaton, 1997) . The correction of these broadening effects may be comparable or even larger than the spectral broadening due to turbulence and must be carefully removed from the observed spectral widths. The observed spectral width ω obs is actually the sum of different terms, i.e. 
where ω turb is the contribution from turbulent velocity fluctuations in the medium, ω beam is the contribution from beam broadening, ω shear is the contribution from shear broadening, and ω wave is the contribution from high-frequency gravity waves. Note, the gravity wave correction in the lower atmosphere is usually relatively small compared with the other corrections (e.g. Murphy et al., 1994) and is hence ignored in the current study; i.e. ω 2 obs = ω 2 turb + ω 2 beam + ω 2 shear . In addition, physically realistic values of ω 2 turb must be positive. However, the actual values of turbulence intensity are often very near zero (Schumann et al., 1995) and the corrections are sometimes larger than ω 2 obs due to sampling errors and statistical fluctuations leading to estimates of ω 2 turb < 0, especially under strong wind conditions such as in the presence of a jet stream (e.g. Dehghan and Hocking, 2011) . In the subsequent calculation we hence only use the positive values of ω 2 turb . According to Hocking (1985) , the beam broadening contribution may be quantified as
· ϑ · V , where ϑ is the 3 dB full beam width of the transmitted radar beam (in radian) and V the horizontal wind velocity. Expressions for shear broadening are given, for example, by Nastrom and Eaton (1997) and can be written as ω shear = ϑ/6·dV /dz· R, where R is the length of a range gate (300 m for the current study). From the derived ω 2 turb , the turbulent energy dissipation rates ε can then be determined based on the following relation (Hocking, 1985) :
where N is the Brunt-Väisälä frequency, which is here taken from the ECMWF reanalysis data.
In the left two panels of Fig. 3 we show vertical profiles of the observed spectral width (ω 2 obs in blue) and the corrected spectral width after removing the broadening effects (ω 2 turb in red) and the vertical shears of horizontal wind derived from radar observations with MAARSY over the period of 1 h, straddling the time of the radiosonde flight, which began at 16:12 UTC on 29 June 2013. The squared BruntVäisälä frequency N 2 derived from the ECMWF reanalysis data averaged for 1 day on 29 June 2013 is shown in the third panel from left. Finally, the calculated turbulent energy dissipation rates (the means and standard deviations) based on Eq. (7) are shown in the right-most panel. ω 2 obs show values much larger than ω 2 turb (twice the value or more). The profiles of ω 2 obs show an increase in the troposphere and decrease in the stratosphere, i.e. maximizing near the tropopause, while ω 2 turb shows a clear peak just below 11 km which reflects a significant turbulent layer. The derived ε profile in the rightmost panel shows a nearly constant value in troposphere and stratosphere and an enhancement near the tropopause (just below 11 km). There is a positive correlation between the derived ε and the corresponding wind shears. Furthermore, there are significant turbulent layers occurring below 11 km in the regions with large N 2 values, whereas there are no layers between 7 and 8 km, where even wind shears were strong. This appears to be due to their dependence on N according to Eq. (7). The discussion of this correlation will be carried out in more details in Sect. 5. The data presented here were analysed with a commercially available software package, which does not provide statistical uncertainties to the estimated parameters, i.e. the spectral width or radial velocity. As already described, these parameters are derived from the ACF of the measured time series. Typically 256 or 512 points are recorded after some coherent integrations (CI), which range between 64 and 256 CI for the data analysed here. In order to obtain an estimate of the statistical uncertainties, we applied a more sophisticated approach by fitting a truncated Gaussian to the measured spectra. The fitting routine is based upon the concept presented in Kudeki et al. (1999) , Sheth et al. (2006) , and Chau and Kudeki (2006) . This spectral Gaussian fitting takes into account the effects of the rectangular window and the temporal sampling. We estimated the statistical uncertainties after applying additional incoherent integrations (of 4, 8, and 16) to the time series. The error distribution looks like a Poisson distribution for the radial velocities with a peak at 8-12 cm s −1 as well as for the spectral widths, with a long tail towards larger values. The largest errors are typically associated with low SNR values. However, as the spectral domain fitting applies additional incoherent integrations, it is possible to obtain successful fits with SNR > −8 dB. However, as most of the analysis was conducted in the ACF domain, there might be differences between the statistical uncertainties in both approaches, in particular, for low SNR values at SNR < 3 dB (ACF domain). Hence, all SNR values below this threshold are disregarded. The threshold of 3 dB in the ACF domain is associated with errors of about 20 cm s −1 in the spectral domain. This may still lead to large uncertainties in the derived ε even at ε error > ε. The estimated error, however, represents a maximum uncertainty by conducting full error propagation. The huge number of measurements with reasonable ε values suggests that the error is likely much smaller.
Derivation of ε from radiosonde data
During the WADIS sounding rocket campaign in 2013 (Strelnikov et al., 2014) , there were 14 launches of balloon-borne radiosondes (model: MarkIIa DGPS (LOS), (p/n 1648-611)) at the radar site of MAARSY. The ascent rate of the radiosondes (RS) used in this study was roughly 5 m s −1 . They had a temporal resolution of 1 s corresponding to a 5 m height resolution. Most of the launches were carried out during the period from 16:00 to 24:00 UTC, with one flight after local noon and one shortly after midnight. All the RS soundings cover the altitudes from the atmospheric boundary layer (ABL) up to 25 km and/or beyond. Some sondes contained a few bins with missing data, which were filled by linear interpolation.
Meteorological RS provide measurements of pressure (P in hPa), temperature (T in K), relative humidity (RH in 
where R is the specific gas constant of dry air, c p the specific heat capacity, and R/c p = 0.286 for air. If the potential temperature is monotonically increasing with altitude, the atmosphere is statically stable. This is mostly the case. Regions with negative θ gradient are statically unstable. Such overturns are indicative of turbulence. Following this idea, Thorpe (1977) developed a concept to indirectly measure turbulent energy dissipation rates ε by detecting static instabilities in oceans and lakes; this concept was adapted to the atmosphere by Luce et al. (2002) and Clayson and Kantha (2008) . The Thorpe analysis consists of rearranging an observed profile of potential temperature θ into a monotonically increasing one by sorting the order of data points upwards or downwards. The vertical displacements D T needed for the sorting process are called Thorpe displacements. Specifically, if an air parcel at altitude z n is moved to z m , the resulting Thorpe displacement at z n is D T (z n ) := z n −z m . The root mean square of the Thorpe displacement over an overturn is the Thorpe length, i.e. L T := rms(D T ). It is a measure of the vertical distance where heavier air is above lighter air. Thorpe (1977) proposed it to be a measure of the outer vertical scale of turbulence. Thus he assumed in a statistical way a proportionality of the Thorpe length L T to the Ozmidov length scale L O := α ε/N 3 1/2 , where N is the Brunt-Väisälä frequency and α is a constant near unity, i.e. L O = cL T with an empirical constant c. In particular, he uses quantities "averaged over many profiles which are supposed statistically similar and averaged over some vertical scale exceeding [the Thorpe displacement]" (Thorpe, 1977) . Dillon (1982) infers a proportionality between L T and L O from the turbulent energy budget by using some assumptions. This relationship has been extensively studied and confirmed in the ocean in both observations and laboratory experiments, although the values of c involve some uncertainty with a broad value range (e.g. Dillon, 1982; Wesson and Gregg, 1994; Thorpe, 2005) . Further studies also show that the values of c may depend on the measurement location and show variability with time (e.g. Yagi and Yasuda, 2013; Mater et al., 2013) . Some studies in the atmosphere also exist (Gavrilov et al., 2005; Wilson et al., 2014; Schneider et al., 2015) . From the proportionality between L T and L O , one obtains for the determination of dissipation rates
where C K = c 2 . The estimate of C K is key for the Thorpe analysis to determine dissipation rates. In the case of ocean, it is usually found from in situ experiments that C K ≈ 1. However, there are only few examinations of C K for the atmosphere. For example, C K = 1.15 was used by Gavrilov et al. (2005) . Clayson and Kantha (2008) analysed radiosondes by applying C K = 0.3 taken from oceanic measurements while Kantha and Hocking (2011) inferred C K = 1 by a comparison of radiosonde and radar measurements. The variability in C K is also due to the fact that the values of this ratio depend on the degree of the development of turbulence, and C K ≈ 1 only when turbulence is fully developed (Gavrilov et al., 2005; Kantha and Hocking, 2011). Schneider et al. (2015) used a balloon-borne Leibniz Institute Turbulence Observations in the Stratosphere (LITOS) instrument to derive ε which is independent of L T . The ratio of L O /L T shows a large variability of values, with the full width at half maximum spanning ∼ 1.9 orders of magnitude. Recently, Fritts et al. (2016) employed direct numerical simulation (DNS) on . This issue should be studied further with more simultaneous measurements with more than two instruments in the future. In this study, C K = 1 is used following Kantha and Hocking (2011) . The analysis in this study is performed according to Wilson et al. (2011) . First, pressure is smoothed with a spline fit to be monotonically decreasing, and all data are resampled to have a constant altitude increment. Moisture is handled as suggested by Wilson et al. (2013) ; i.e. moist regions are detected, and within these the moist potential temperature is used instead of the dry one. Then the sorting is performed and the Thorpe displacements D T are computed. The cumulative Thorpe displacements are defined by the cumulative sum of the Thorpe displacement, C T (k) := k i=0 D T (i). Inversions are identified by regions with negative cumulative Thorpe displacements C T . The idea is that for stable regions C T is zero as the potential temperature is already sorted. Instrumental noise is an important issue, because it can create artificial inversions. Wilson et al. (2010) introduced a statistical test to select real overturns and reject inversions created by noise. It consists of comparing the range of the potential temperatures within an inversion to the range of a pure noise sample of the same length and given standard deviation σ θ . Wilson et al. (2011) proposed a simple method to compute the measurement noise σ θ from the radiosonde data itself, which is applied in this study. Basically, the temperature profile is split into segments of 200 m altitude, and in each segment, the noise standard deviation of the temperature σ T is set to the standard deviation of the first differences of the data after trend removal divided by √ 2. σ θ is then computed with Gauss' law of error propagation, neglecting the error in pressure because it is much smaller than that of the temperature. For each significant overturn, the Thorpe length L T is calculated. Thereby, with a mean buoyancy frequency N in the layer, the energy dissipation rate ε is obtained via Eq. (9). The Brunt-Väisälä frequency N is computed from the sorted θ profile, and a Hann-weighted smoothing over 31 data points (roughly 150 m altitude) is applied to θ before numerical differentiation to prevent the derivative to be dominated by instrumental noise.
The basic information of the 14 radiosondes including measurement noise is listed in Table 2 .
A A Significant Not significant Figure 5 . Vertical profiles of the derived dissipation rates from radiosondes (significant layers in black and non-significant layers in grey) with the median profile (in blue) and from radar (in red). Here all turbulent layers, including both significant and non-significant ones, from radiosondes were calculated as median for the comparison with the radar results. Please note the different height resolution of both instruments: 5 m for radiosondes and 300 m for radar. In order to compare the radar and radiosonde values one-to-one, we infer the median of radiosonde ε over 300 m consistent with the height resolution of radar measurements, and they are shown in blue. The radar ε is calculated as the median for the period of 2 h, straddling the time of the radiosonde ascent (two flights on 1 July 2013).
In Fig. 4a -h, we show an example of vertical profiles of the atmospheric parameters inferred from the balloonborne radiosonde on 29 June 2013. Vertical profiles of wind velocities in Fig. 4a show much weaker zonal winds than meridional winds, with zonal winds generally less than 10 m s −1 . The vertical shears of horizontal wind S = (du/dz) 2 + (dv/dz) 2 are calculated and shown in Fig. 4b . The squared Brunt-Väisälä frequency (N 2 ) in Fig. 4c shows nearly constant values of 1.0 × 10 −4 s −2 in the troposphere (below 10 km) and of 4.0 × 10 −4 s −2 in the stratosphere. The so-called tropopause inversion layer (TIL) with a jump in the N 2 profile of up to more than 10.0×10 −4 s −2 is seen at 11 km (e.g. Birner, 2006) . The Richardson number Ri defined as the ratio of the squared Brunt-Väisälä frequency to the squared wind shear is calculated with a height resolution of 150 m and shown in Fig. 4d . In Fig. 4e we show the potential temperature calculated by taking into account the effects of air moisture. As shown by Wilson et al. (2013) such effects on turbulence detection can be dramatic for a cloudy or moist atmosphere (saturated with water vapour). Hence, the moist potential temperature is used for further calculation in this study. The θ profile generally reveals a gradual increase up to 11 km (near the tropopause) and a more steeper increase thereafter. However, a magnified part from 9.0 to 10.0 km is shown in the inset for a better visibility of the negative gradients of θ , indicative of turbulent eddies. After rearranging the θ profile with overturns into a stable monotonic profile, the Thorpe displacements are derived and shown in Fig. 4f . Note that only significant overturns were selected as described above. The Thorpe length L T defined as the root mean square (rms) of D T is shown in Fig. 4g . Finally, the turbulent energy dissipation rates ε are determined from the Thorpe length and the Brunt-Väisälä frequency measured with the radiosonde according to Eq. (9) and shown in Fig. 4h . The Richardson number is an important parameter to characterize the stability of the atmosphere. According to linear theory, the atmosphere tends to lead to the occurrence of turbulence when Ri < Ri c , where Ri c = 1/4 is the critical Richardson number (Miles, 1961) . From our results, there is very strong turbulence at altitudes of, for example, 0.5-2.0 and 5.0-6.0 km, where Ri values are relatively small. By contrast, no turbulence or non-significant turbulence (not shown here) is found in the stratosphere where Ri values are larger (> 1/4). Further comparison between ε and Ri shows that there is a negative correlation between them, i.e. stronger ε detected in conditions with smaller Ri values. However, many experimental and theoretical studies reveal a more complicated and not a straightforward relation between turbulent flow and Ri c (e.g. Achatz, 2007; Balsley et al., 2008; Haack et al., 2014) .
Comparison of ε from both techniques
As mentioned above, the comparisons between the remote sensing observations with radar and the in situ measurements are desirable in order to ensure their reliability. With the si- Figure 6 . Scatter plots of the turbulent energy dissipation rates derived from the simultaneous measurements with radiosondes and radar. Left panel: the results derived based on the measurements during two flights on 1 July 2013 (i.e. the profiles shown in blue and red in Fig. 5 ). All turbulent layers, including both significant and non-significant ones, from radiosondes are included. The dashed line indicates an expected linear relation between them. In addition, we show the corresponding correlation coefficient r = 0.65, which is highly significant, i.e. well above the 99.9 % level. Right panel: the results derived from all the nine flights with the simultaneous measurements with MAARSY. Here, the corresponding correlation coefficient is at r = 0.13, which is not significant. multaneous measurements of collocated radar and balloonborne radiosondes in hand, we are able to validate the radar estimates of turbulent energy dissipation rate by a comparison between both techniques.
Before going into detail, we should note that the two instruments do not measure the same volume (i.e. they have a different horizontal coverage) and their height resolutions are quite different: 5 m for radiosondes and 300 m for radar. In Fig. 5 we show the altitude profiles of the ε values derived from radiosondes with the significant layers in black and non-significant layers in grey. In order to compare the radar and radiosonde values one-to-one, we calculate the median of radiosonde ε for all turbulent layers, including both significant and non-significant ones, over 300 m consistent with the height resolution of radar measurements. The radar ε are calculated as the median for a period of 2 h, straddling the time of the radiosonde ascent. Figure 5 shows the comparison of turbulent energy dissipation rates derived from radar and radiosonde measurements of two flights on 1 July 2013. The ε values derived from radiosondes up to 10 −2 W kg −1 cover several orders of magnitude, which indicates the large variability inherent in turbulent energy dissipation rates and highly intermittent characteristics of turbulence in the free atmosphere. Furthermore, there is an enhancement of ε below ∼ 2 km, where there is the atmospheric boundary layer characterized by strong vertical mixing and strong turbulence. This property is also seen in other flights (not shown here). The medians of the radiosonde ε (in blue) show an overall agreement with the radar ε values, which, however, are the medians derived over a 2 h period.
We further show scatter plots of the derived ε one-to-one values and an identity line (dashed line) as a reference in left panel) , however, the comparison shows a nearly linear correlation, with a highly significant correlation coefficient at r = 0.65, which is very encouraging. The correlations between the squared Thorpe length (L 2 T ) and the squared spectral width due to turbulence (ω 2 turb ) are further investigated in order to remove the involvement of the Brunt-Väisälä frequency in the estimate of ε for both techniques (see Eqs. 7 and 9, figure not shown here). The comparisons between them show that there is a significant correlation between both parameters for the measurements during two flights on 1 July 2013, whereas there is a less significant correlation for all the simultaneous measurements. This implies that the significant correlations of the ε values derived from both techniques are not due to the N term in Eqs. (7) and (9), although of course turbulence is related to the Brunt-Väisälä frequency which characterizes the convective or static stability of the atmosphere.
Given the large variability of turbulent energy dissipation rates and the difference between the two techniques (see the caveats mentioned above), the only fair method is to compare their statistical results. There are 9 flights of radiosondes out of 14 during the WADIS sounding rocket campaign in 2013 with simultaneous radar measurements. The histogram of the ε values derived from radiosondes as well as from radar (spanning in 2 h period as described above) for the same time and same altitudes is shown in Fig. 7 (left and middle panels) . The histograms show similar properties of ε covering nearly the same range and peaking at almost the same value. We N F Figure 7 . Histograms of the derived dissipation rates from radiosondes (left panel) and radar (middle panel) based on the simultaneous measurements during the WADIS campaign in 2013. All turbulent layers, including both significant and non-significant ones, from radiosondes are taken into account. In order to compare the ε distribution from both instruments, we fit the ε histograms with a Gaussian function, and the normalized fitting lines are shown in the right panel. note, however, that the full-width half-maximum amplitude of the distribution of the radiosonde ε is wider than the radar ε (by ∼ 0.3 order of magnitude). Further, we fit both histograms with a Gaussian function, and the normalized fitting lines are shown in the right panel of Fig. 7 . The comparison of the fitting lines shows a very similar distribution of ε, although it seems that MAARSY can detect weaker turbulence than radiosondes.
In a nutshell, the comparison is very encouraging in that the derived ε display a linear correlation one-to-one with both techniques for individual cases and the statistical results. The histograms show the ε values falling within a similar range and with the largest numbers occurring at almost the same value. Hence, the comparison should be considered as a way to validate the derivation of turbulent energy dissipation rate from radar measurements based on the in situ measurements with balloon-borne radiosondes. Conversely, it also provides a method to calibrate the value of C K used in Thorpe analysis.
Climatology of turbulence with radar
In this section, we apply the analysis described in Sect. 3.1 to all the data available to derive a preliminary climatology of turbulent energy dissipation rate ε. Figure 8 shows the derived ε as histograms for every 2 km from 5 up to 17 km as well as the vertical profile of the logarithmic ε median and the upper and lower quartiles derived from all the 522-day observations with MAARSY between 2010 and 2013 available for this study (cf. Fig. 1 ). The ε distributions show that energy dissipation rates fall within a range between 10 −7 and 10 −2 W kg −1 , covering 5 orders of magnitude. The ε distribution cannot be characterized by a Gaussian function but is approximately log-normal with a negative skewness as expected for intermittent turbulent flows (Nastrom and Gage, 1985; Nastrom and Eaton, 1997; Frehlich et al., 2004) . The ε medians (right panel in Fig. 8 ) show an increase with altitude from a value of 1.13 × 10 −4 W kg −1 at 5 km up to 2.50 × 10 −4 W kg −1 at 16 km with a slight inversion just below the tropopause (about 10 km). Our statistical results of ε derived from radar measurements are consistent with the values obtained in previous studies (e.g. Nastrom and Eaton, 1997; Satheesan and Murthy, 2004; Kantha and Hocking, 2011) , though, the ε values shown in the current study are derived based on a much larger data set. The increase in ε with altitude has also been described by Haack et al. (2014) , who used the balloon-borne instrument LITOS to measure ε in the altitude range from 7 up to 29 km. Note that their results are achieved based on two individual flights at Kiruna (67 • N, 21 • E). We note that different findings on the height dependence of ε have also been described by, for example, Clayson and Kantha (2008) , who obtained larger dissipation rates in the troposphere than in the lower stratosphere.
Further, we show scatter plots of ε as a function of altitude and their median values in each month in Fig. 9 . Most of the ε values fall within the range between 10 −7 and 10 −2 W kg −1 , covering 5 orders of magnitude. The widths of ε distributions are larger in the troposphere than in the lower stratosphere. Generally, the vertical profiles of the ε median consistently show an increase in energy dissipation rates from the upper troposphere to the lower stratosphere with fluctuations near the tropopause, except for the month of June (but note that there are only 4 days of observation in June). In order to illustrate the seasonal variation of the energy dissipation rates, we show the vertical profiles of the ε median in different seasons (spring: March-May; summer: June-August; autumn: September-November; and winter: December-February) in a height dependence of ε in that the energy dissipate rates generally increase with altitudes, which has been presented above. The ε medians in summer and winter are very close, especially in the lower stratosphere, and larger compared with the values at the equinoxes by a factor of 1.5-2.0. In addition, atmospheric turbulence derived from our radar measurements reveals no diurnal variation in the UTLS regions (at altitudes of 5 km and above), i.e. remaining nearly constant over the whole day especially in the stratosphere (not shown here). This is different from the case in the atmospheric boundary layer (within the altitudes of a few hundred metres) where turbulence has a prominent diurnal variation reaching a maximum around midday (e.g. Yasuda, 1988; Englberger and Dörnbrack, 2016) .
Discussion
Due to the importance of turbulence in atmospheric dynamics, a wealth of theoretical and experimental efforts has been carried out to identify the generation mechanisms, which are not fully quantified or understood (Wyngaard, 1992; Lübken, 1992 Lübken, , 1997 Müllemann et al., 2003; Rapp et al., 2004; Sharman et al., 2012; Schneider et al., 2015; Fritts et al., 2016, e.g.) . According to the theory described above, turbulence is under the influence of shear and buoyancy forces, but not only of those. Because of the lack of temperature measurements, we are not able to determine the buoyancy contribution to turbulence. Simultaneous measurements involving temperature with, e.g., lidar are highly desir- able for further study in the future. In this section, we compare the derived ε with the background conditions, i.e. the Richardson number, the velocity of horizontal wind, and the vertical shear of horizontal wind.
As mentioned above, a classical approach to analysing the relation between turbulence and the atmospheric background condition is to determine the Richardson number Ri. Here we determine the vertical shear of horizontal wind velocities from radar observations and the Brunt-Väisälä frequency N from the ECMWF reanalysis data with a height resolution of 300 m. These values are used to calculate Ri = N 2 / dU dz 2 . The derived ε values are split into two groups for the conditions of Ri < 1 and Ri > 1. Figure 11 shows the normalized histograms of the derived ε in percentage under the conditions of Ri < 1 (upper panel) and Ri > 1 (lower panel), respectively. For both cases, the ε values are highly variable ranging from 1.44 × 10 −4 to 2.76 × 10 −3 W kg −1 under the condition of Ri < 1 and from 2.82 × 10 −5 to 8.91 × 10 −4
W kg −1 under Ri > 1 (only considering the values with the histograms larger than 2 %); i.e., the statistical results show that the ε values under the condition of Ri < 1 are much larger than under Ri > 1. In Fig. 12 we show a scatter plot of ε vs. Ri with the data points in red under the condition of Ri < 1 and in black under Ri > 1. The relation between ε and Ri has been shown in the literature to depend on the scale (i.e. height resolution) over which Ri has been calculated. The N 2 values derived from the ECMWF reanalysis data are positive in general, and hence Ri > 0 here. During the period to determine ε in this study, the Ri values estimated from the ECMWF reanalysis data are highly variable, ranging from 0.1 up to 1000. Figure 12 shows that the large majority of turbulent eddies exist under the condition of Ri > 1 (black points), which, however, indicates stability. These findings are consistent with the results by Haack et al. (2014) , who calculated Ri over the scales of 10, 70, and 200 m. There are much fewer data for ε under the condition of Ri < 1 (red points; only 1.7 % in total), which, however, reveal much larger values. The histograms of ε (not shown here) show that the median (mean) values of ε are 5.18×10 −4 W kg −1 (1.02 × 10 −3 W kg −1 ) under the condition of Ri < 1 and 1.61×10 −4 W kg −1 (3.24×10 −4 W kg −1 ) under Ri > 1. In addition, the scatter plot of all values shows that there is a roughly negative correlation between ε and Ri that is independent of the scale dependence of Ri (see the dashed line).
Wind field also plays a role in the generation of turbulence (indirectly), since there is a strong interaction between gravity waves (GWs) and the background wind field (Sato, 1994; Rapp et al., 2004) . Figure 13 shows the number density of the turbulent energy dissipation rates (in logarithmic values) against the corresponding background wind velocities derived from the radar measurements with MAARSY. The number density shows peaks with wind velocity within 4-9 m s −1 and ε within 7.94 × 10 −5 -3.98 × 10 −4 W kg −1 . The range of the ε values becomes narrower as the wind velocities become stronger. It seems that the condition with stronger winds only tends to appear with the occurrence of stronger turbulence (e.g. ε > 10 −4 W kg −1 ). The ε distribution against the background wind fields statistically shows that the upper edge of turbulence (maxima) occurred independently of winds, whereas the lower edge (minima) reveals a positive correlation with winds. In addition, the minima of ε gradually decay with the decrease in wind velocities indicating that there was no instrumental bias included. The black solid line shows the ε median inferred for every 1 m s −1 interval of wind velocity, which generally reveals an increase with the increased wind velocities. Further, there are steeper increases during the wind velocities falling within the range of 0-11 and of > 48 m s −1 . Following the wind criterion by Ecklund et al. (1986) , the quiet dynamic condition is defined as the condition with background wind velocities less than 10 m s −1 and active dynamic conditions with velocities larger than 10 m s −1 . The derived dissipation rates ε are split into two data sets for active and quiet conditions. In Fig. 14 we show the normalized ε histograms in percentage under active (upper panel) and quiet (lower panel) conditions. For both cases, the ε distributions look like they are log-normal with a negative skewness and the large majority of ε falls within the range between 10 −6 and 10 −2 W kg −1 (99.73 % for active conditions and 99.72 % for quiet conditions). However, the comparison reveals that dissipation rates are larger under active conditions with the data sets peaking at 3.16 × 10 −4 W kg −1 than under quiet conditions peaking at 1.58 × 10 −4 W kg −1 . According to Eq. (A5) in the Appendix, we arrive at the following relation:
where the term U w is the vertical flux of horizontal momentum. Thus, shear production is the net conversion rate per unit mass from the kinetic energy of the mean flow into turbulence. The momentum flux with a component opposite the mean wind shear leads to a positive shear production. With the assumption that the total flux of momentum with height is constant for a limited period, we can expect a linear correlation between dissipation rate and wind shear. In Fig. 15 , we present a scatter plot of the derived ε vs. the corresponding wind shears derived from the radar measurements (5 min resolution) in February at an altitude of 5.1 km. The dashed line indicates an expected linear correlation with a correlation coefficient r = 0.4 between the two quantities shown. In addition, Fig. 16 shows the same as Fig. 15 , but for the results derived from the radar measurements with 1 h resolution in February at altitudes of 5.1-9.0 km. Finally, we carry out the same exercise for all the data available for this study on a daily-value basis (i.e. 1-day resolution) and infer the statistical results of the correlation shown in Fig. 17 . They again reveal a linear correlation between ε and the wind shears with a corresponding correlation coefficient of 58 %, well above the 99.9 % level. In summary, the three cases with different temporal resolutions reveal that there is a linear correlation between the turbulent energy dissipation rates and the wind shears which is highly significant. Hence the wind shears play an important role (through the Kelvin-Helmholtz instability; e.g. Fritts et al., , 2012 in the generation and/or maintenance of turbulence.
Conclusions
In the current paper we have presented the derivation of the turbulent energy dissipation rate ε from radar measurements with MAARSY based on the conversion of spectral widths as well as from in situ measurements with balloonborne radiosondes at the radar site of MAARSY applying Thorpe analysis. Before converting spectral widths to ε we carefully removed the broadening effects due to the finite beam width of MAARSY. The corrected spectral widths are much smaller than the observed ones, indicating that horizontal winds have a dominating influence on the observed spectral widths. The estimate of the constant C K is key for applying Thorpe analysis. Here we use C K = 1, which is only valid for the case when turbulence is well developed. We then compared the simultaneous measurements of ε from both techniques with C K = 1 when applying Thorpe analysis. An encouraging agreement was found in terms of the ε values derived with both instruments falling within a similar range and with their histogram peaking at about the same value. The comparison should be considered as a way to validate the derivation of the turbulence parameter from radar measurements based on the collocated in situ measurements with balloon-borne radiosondes. Conversely, it also provides a method to calibrate the value of C K , which is a key parameter used in Thorpe analysis. As a caveat it needs to be mentioned that recent direct numerical simulations by Fritts et al. (2016) question the validity of using a constant value of c (hence C K ). Nevertheless, it is remarkable how well radiosonde and radar data in this study show agreement with each other using just this approach.
From a total of 522 days of observations with MAARSY during the period of 2010-2013, we derived a preliminary climatology of turbulence in the free atmosphere. The derived ε shows variability of about 5 orders of magnitude inherent in the dissipation rates falling within the range between 10 −7 and 10 −2 W kg −1 . The ε distribution is approximately log-normal, as expected for an intermittent process like turbulence. The ε profiles show an increase with altitude with the medians from a value of 1.13 × 10 −4 up to 2.50 × 10 −4 W kg −1 . This height dependence is also derived from the data in each individual month. Furthermore, the coverage of the ε distribution is wider in the troposphere than in the lower stratosphere. Atmospheric turbulence based on our radar measurements reveals a seasonal variation in that the ε medians are larger during summer and winter than during the equinoxes by nearly a factor of 2. No clear diurnal variation is found in ε with MAARSY, which remains nearly constant over the whole day in the UTLS regions (from 5 km upwards in the current study).
With the derivation of wind shear from radar and the Brunt-Väisälä frequency N from the ECMWF reanalysis data, we calculated the Richardson number Ri with which the dissipation rates are compared. The statistical results from our data show that the majority of turbulent eddies exist under the conditions of Ri > 1 (more than 98 % of all the data). The ε values are significantly larger under the condition of Ri < 1 than under Ri > 1. The median (mean) values of the ε derived from MAARSY are 5.18×10
−4 W kg −1 (1.02 × 10 −3 W kg −1 ) under Ri < 1 and 1.61 × 10 −4 W kg −1 (3.24 × 10 −4 W kg −1 ) under Ri > 1. In addition, the scatter plot of the derived ε vs. Ri reveals a roughly negative correlation between the two quantities that is independent of the scale dependence of Ri. Similar properties are also found from individual profiles with radiosondes; i.e. stronger turbulence occurs where Ri is relatively smaller and vice versa. However, no clear threshold value of Ri c = 1/4 is recognized in our data.
In order to study the influence of background wind fields on turbulence, we presented the number densities of ε vs. the background wind fields, showing that the ranges of the ε values become narrower as the winds become stronger and the condition with stronger winds only tends to appear with the occurrence of strong turbulence. The derived ε were further split into two groups for active and quiet conditions. The dissipation rates under active conditions are much larger than under quiet conditions, indicating that stronger winds (e.g. U > 10 m s −1 ) appear to create more turbulent eddies.
Last but not least, we compared the derived ε with the corresponding vertical shears of horizontal wind according to the relation that the turbulent energy dissipation rate may be expressed as the production of momentum flux and wind shear. We then inferred the comparison between the derived ε and the corresponding wind shears based on the radar measurements with different temporal resolutions, i.e. 5 min, 1 h, and 1 day. The three cases all reveal a nearly linear cor-relation between the turbulent energy dissipation rates and the corresponding wind shears, which is highly significant. Kelvin-Helmholtz instabilities occurring under conditions of wind shear are well known to cause turbulence (e.g. Fritts et al., , 2012 . The statistical results reveal that the turbulent energy dissipation rate does indeed follow the dependence of the corresponding wind shears. Our findings hence provide support for the idea that wind shears play an important role in the generation of turbulence in the troposphere and lower stratosphere.
Data availability
The data sets with the MAARSY radar used in this study are stored in the Leibniz-Institut für Atmosphärenphysik (IAP) repository and are available upon request (contact email: chau@iap-kborn.de). The radiosonde data sets can be requested by contacting the first author of this paper.
